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S U M M A R Y
The paper presents a three-dimensional (3-D) density model of the crust of southern and central
Finland. The large SVEKALAPKO seismic array experiment was carried out in this area during
1998–1999. One of the intermediate objectives of the experiment was compilation of a 3-D
P-wave velocity model (Vp model) of the crust to provide crustal corrections for teleseismic
P-wave traveltimes. The model was constructed from the results of previous controlled-source
seismic (CSS) experiments in the area and was composed of two main crustal layers, an upper
crust and a high-velocity lower crust with Vp > 7.0 km s−1. The thickness of the crust in the
model varies from 64 to 38 km and includes three pronounced troughs. We used this model
and the results of petrophysical studies of bedrock density in Finland as a priori information
to construct a 3-D density model of the crust in the SVEKALAPKO area. The initial results
of gravity modelling demonstrated, however, that the model lacks information about lateral
velocity variations in the upper and middle crust. To improve the fit of the model to the observed
Bouguer anomaly, the model was corrected by introducing two additional layers, called the
lower crust and the middle crust, with 6.8 < Vp < 7.0 km s−1 and 6.4 < Vp < 6.8 km s−1,
respectively. The depth to the upper boundaries of these layers was retrieved from the results
of previous seismic profiles in the area and the values of density and velocity in the upper
crust were constrained using the information on bedrock densities in Finland, the Bouguer
anomaly and new data about the velocity distribution within the upper crust obtained from
local event studies of the SVEKALAPKO seismic experiment. The corrected model was used
as a starting model for inversion of the observed Bouguer anomaly. The resulting 3-D density
model agrees well with the observed Bouguer anomaly and explains the sources of large-
scale Bouguer anomalies in the region. The model demonstrates that there is no correlation
between the observed Bouguer anomaly and Moho depth. Rather, the Moho depressions in
the region mark the boundaries of crustal blocks with different types of density distribution
and are associated with the presence of additional compensating masses within the crust. The
high-velocity lower crust of density 3.1–3.25 × 103 kg m−3 does not completely compensate
the Moho depressions and the compensation is mostly a result of the presence of additional
dense material in the upper and middle crust. Thus, the Moho depressions in central and
southern Finland are fully compensated, or even overcompensated. On the other hand, the
Moho depression in the area of the Gulf of Bothnia is compensated only in its southern part,
resulting in a regional-scale minimum of the Bouguer anomaly in the northern part of the
depression. The varying degree of compensation may result from variation in the origin and
age of the present-day Moho boundary in the region.
Key words: 3-D gravity modelling, density–velocity relationships, Fennoscandian Shield,
gravity inversion.
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1 I N T RO D U C T I O N
SVEKALAPKO (Svecofennian–Karelia–Lapland–Kola) (Hjelt
et al. 1996) was one of the key projects of the EUROPROBE
multidisciplinary geoscientific program concerned with the con-
tinental origin and evolution. The program was supported by the
European Science Foundation (ESF) from 1992 to 2001. The main
objectives of the project were to determine the geometry, thickness
and age of the lithosphere and the disposition of major lithosphere
structures in the Baltic Shield and to define the crustal evolutionary
history along a transect through three major crustal segments:
two contrasting Palaeoproterozoic orogens, Lapland–Kola and
Svecofennian and the intervening Karelian craton (Fig. 1, inset;
Hjelt et al. 1996).
The main goal of all the geophysical studies in the
SVEKALAPKO multidisciplinary project was to investigate the
structure of the lithosphere–asthenosphere boundary and the struc-
tures within the lithosphere of the central part of the Fennoscandian
Shield. The major experiments employed in the project were the
SVEKALAPKO deep seismic tomography experiment (Bock et al.
2001) and the BEAR electromagnetic array research (Korja et al.
2000).
In addition, the SVEKALAPKO project has been closely con-
nected with the potential field studies carried out by the Geological
Survey of Finland within the Crustal Model Program of Finland,
aiming to answer questions concerning the geometrical, mineralog-
ical and geological nature of the sources of potential field anoma-
lies in the Finnish lithosphere (Korhonen et al. 1997). The main
target of the project Three-dimensional (3-D) crustal model of the
SVEKALAPKO research area (3-DCM project) carried out by the
Geological Survey of Finland in collaboration with the Department
of Geophysics of Oulu University is the joint interpretation of poten-
tial fields and SVEKALAPKO seismic data. The investigation aims
to produce an integrated geophysical model of the crust of southern
and central Finland (referred hereafter as the SVEKALAPKO area)
that includes the distribution of P- and S-wave velocity, density and
magnetization.
Previous 3-D regional density models described regional trends
in the observed gravity field of Fennoscandia (Glaznev et al. 1996;
Wang 1998). As a result of their large scale, these models represent
only the major features of the distribution of density within the crust.
A more detailed model is necessary to better understand the nature
of local- and regional-scale gravity anomalies in Finland. In this
paper, we present the 3-D crustal density model compiled for the
smaller area of the SVEKALAPKO seismic array. The model was
constructed by inversion of the observed Bouguer anomaly using an
existing 3-D crustal P-wave velocity model of the SVEKALAPKO
area and petrophysical data about bedrock density in Finland as a
priori information. Previously, 2-D density models were obtained
for various parts of Finland by Elo & Korja (1993), Elo (1997),
Kozlovskaya & Yliniemi (1999) and Korja et al. (2001). A detailed
3-D density model has not been compiled for this area before.
2 T H E R E L AT I O N S H I P B E T W E E N
D E N S I T Y A N D S E I S M I C V E L O C I T Y A S
A P R I N C I PA L C O N D I T I O N O F J O I N T
I N T E R P R E TAT I O N O F S E I S M I C
A N D G R AV I T Y DATA
Use of information about seismic velocities in gravity modelling re-
quires knowledge of the relationship between rock density and seis-
mic velocity, such as established by Birch (1961) and Nafe & Drake
(1957) from measurements of rock density and seismic velocity
under laboratory conditions. They demonstrated that the compres-
sional wave velocity in an isotropic medium depends primarily on
the mean atomic mass and material density. In real rocks, both seis-
mic velocity and density are also affected by other factors, such as
pressure and temperature, the rock macrostructure and microstruc-
ture, cracks and fractures, the presence of fluids and anisotropy of
the rock-forming minerals. Generally, these factors affect density
and velocity in different ways and this must be taken into consider-
ation when applying density–velocity relationships established un-
der laboratory conditions to studies of the deep structure of the
lithosphere.
One of the problems in applying density–velocity relationships
established under laboratory condition to integration of seismic and
gravity data is significant scatter around the mean value revealed for
all types of lithospheric rocks. As a result of the scatter, any density–
velocity relation has to be regarded as statistically determined rather
than functional.
Studies of density–velocity relation in the KTB (The German
Continental Deep Drilling Program) superdeep hole (Kneib 1995;
Jones & Holliger 1997) have demonstrated that the statistical prop-
erties of the density–velocity relationship depend strongly on the
observation scale. At short wavelengths (less than 10 m) the corre-
lation between velocity and density logs is very poor as result of large
scatter, but the correlation improves (that is, the scatter decreases)
with increasing wavelength. Consequently, we may expect that the
scatter in the density–velocity relationship for geological units with
a characteristic scale of more than 10 km is less than that observed
in laboratory measurements on rock samples. This scaling effect
should be taken into consideration in regional-scale gravity studies.
The main factor affecting seismic velocities in the upper conti-
nental crust is the presence of cracks and fractures; these are often
also filled with fluids. In the Fennoscandian Shield, the upper crust
is permeated by fluid-filled fractures and cracks down to a depth of
at least 12 km, as demonstrated by a detailed study of rock proper-
ties in the Kola superdeep borehole (Ganchin et al. 1998; Smithson
et al. 2000). As a result, seismic velocities in the upper crust are
lower than intrinsic (crack-free) velocities by approximately 0.2 km
s−1 (Smithson et al. 2000) and the density estimate obtained from
these velocities will be biassed low by approximately 0.1 × 103 kg
m−3, if any standard linear density–velocity relationship is used.
In the middle and lower crust, where all the cracks are closed,
the seismic velocities and densities depend on pressure and tem-
perature, but the influence of these factors is weak compared to the
influence of rock composition. In shield areas, the combined effect
of pressure and temperature on seismic velocities and densities can-
cels out at a depth corresponding to the middle and lower crust (that
is, at pressures greater than 2 kbar) (Kern & Richter 1981; Scho¨n
1998). Therefore, both velocities and densities in the middle and
lower crust depend mainly on the elastic properties of rock-forming
minerals and are controlled by pressure-dependent mineral reac-
tions changing the mineral assemblages from plagioclase-bearing
and garnet-free to garnet-bearing and plagioclase-free (Green &
Ringwood 1967). This results in an increase of both density and ve-
locity with depth and a strong density–velocity correlation (Sobolev
& Babeyko 1994).
3 P R E V I O U S I N V E S T I G AT I O N S O F
D E N S I T Y – V E L O C I T Y R E L AT I O N S H I P S
I N L A RG E - S C A L E G E O L O G I C A L U N I T S
Detailed analyses of the density–velocity relationship in large-scale
geological structures have been compiled by Krasovsky (1981) and
C© 2004 RAS, GJI, 158, 827–848
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Figure 1. Location of the SVEKALAPKO temporary seismic array on the bedrock map of Finland. The map is displayed using the National Finnish
Coordinate System (KKJ) (Hirvonen 1949; Ollikainen et al. 2001). The location of the Ladoga–Bothnian Bay zone (LBBZ) is indicated by the hatched band.
The geographical position of the study area is shown in the inset, upper left corner, where the main crustal segments are separated by thick lines.
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Christensen & Mooney (1995) based on the results of laboratory
measurements of elastic properties.
Alternatively, the density–velocity relationship in lithospheric
units of regional scale can be obtained directly from the velocity
distribution within the lithosphere provided by large-scale seismic
experiments and observed gravity data (Kozlovskaya & Yliniemi
1999; Kozlovskaya et al. 2001a,b, 2002). This approach makes it
possible to find a density–velocity relationship that gives the best fit
of the density model to the observed gravity data; in other words, the
relationship is obtained as a solution to the inverse gravity problem.
This method has allowed investigation of the density–velocity re-
lationship for large-scale geological units with available wide-angle
reflection and refraction profiles: the SVEKA profile in Finland
(Kozlovskaya & Yliniemi 1999) and the EUROBRIDGE’95-
EUROBRIDGE’97 profiles (Kozlovskaya et al. 2001a,b, 2002),
crossing a number of tectonic units of varying ages in Finland,
Lithuania, Belarus and the Ukraine. The scale of lateral velocity
inhomogeneities revealed by these profiles is approximately 30–
100 km. The density–velocity relationship obtained for these pro-
files is quasi-linear in many cases, although variations in the relation-
ship for different tectonic units resulted in scatter of P-wave velocity
(0.2–0.5 km s−1) around the corresponding values of density.
The investigations also revealed that the quasi-linearity of
density-Vp relationship can be violated in some cases. For exam-
ple, the density–velocity relationship may be violated as a result of
seismic anisotropy in tectonically deformed rocks, as was demon-
strated by the EUROBRIDGE’96 profile (Kozlovskaya et al. 2002).
Another case is the presence of large rapakivi–gabbro–
anorthosite massifs containing abundant amounts of rocks with
high feldspar content, that is rapakivi granites and anorthosites.
Wide-angle reflection and refraction profiles across large rapakivi–
gabbro–anorthosite massifs sometimes reveal very high values of
P-wave velocity (up to 6.4 km s−1) at upper and middle crustal
depths. For example, high P-wave velocities in the upper and mid-
dle crust were revealed by the BALTIC profile within the Wyborg
rapakivi batholith (Luosto et al. 1990) and by the EUROBRIDGE’97
profile within the Korosten rapakivi–gabbro–anorthosite pluton in
the Ukrainian Shield (Thybo et al. 2003). In both cases, the areas of
high P-wave velocity in the uppermost crust are also marked by a
negative gravity anomaly. However, use of a quasi-linear Vp-density
relationship results in positive values of calculated gravity above
these areas.
The high P-wave velocity in the uppermost crust within rapakivi–
gabro–anorthosite massifs can be attributed to anorthosites. As a
result of high amounts of plagioclase in these rocks, they have
P-wave velocities comparable with those of gabbro, while their den-
sities are significantly less (Henkel et al. 1990; Kern et al. 1993).
The high P-wave velocity may also be the result of the influence of
pressure on the P-wave velocity of rapakivi granites. Extensive lab-
oratory studies of elastic properties of granitoids of the Ukrainian
Shield under confining pressures and temperatures corresponding
to the present-day geotherm Lebedev et al. 1972; Lebedev et al.
1983; Lebedev 1985; Lebedev et al. 1986; Scho¨n 1998) demon-
strated strong dependence of P-wave velocity on rock texture. The
highest pressure effect was found in coarse-grained rapakivi gran-
ites, in which Vp increases rapidly from approximately 6.0 km s−1
at a depth of 0 km up to 6.5 km s−1 at a depth of approximately 5
km. In fine- and medium-grained granites the effect of pressure on
Vp is much less.
As a result of this anomalous behaviour of P-wave velocity in
rapakivi granites, they cannot be distinguished from more dense
anorthosites if Vp values only are used. However, the S-wave veloc-
ity (Vs) in rapakivi granites is generally less affected by the pressure
and temperature in the same depth interval (Lebedev et al. 1986).
That is why use of both Vp and Vs makes it possible to distinguish ra-
pakivi granites from anorthosites and to obtain more realistic density
models for large rapakivi–gabbro–anorthosite massifs (Kozlovskaya
et al. 2001b).
4 G R AV I T Y DATA
For the present study, maps of Bouguer gravity anomaly and its re-
gional residual (Figs 2a and b) were compiled on a 100 km2 regular
grid from the national gravity net of the Finnish Geodetic Institute
(Elo 1997; Ka¨a¨ria¨inen & Ma¨kinen 1997; Korhonen et al. 2002).
The regional residual was obtained by continuation of the Bouguer
anomaly map upward to an altitude of 10 km, using Geosoft Oasis
5.0 software. The average linear spacing of observational stations
is 5 km. The gravity values were tied to the International Grav-
ity Standardization Net 1971 (IGSN71) and normalized with re-
spect to the International Gravity Formula 1930 minus 14.0 mgal
(1 mgal = 10−5 m s−2) (Elo 1997; Ka¨a¨ria¨inen & Ma¨kinen 1997;
Korhonen et al. 2002). The average value of the Bouguer anomaly
in the region is −27.94 mgal. As the topography in the region is
very flat, its effect is not considered in our study.
An analysis of the Bouguer anomaly map of Finland and its cor-
relation with surface density was given by Elo et al. (1978) and Elo
(1997). It was demonstrated that many of the large-scale gravity
anomalies (several tens of kilometers) are associated with shallow
structures, which correlate well with surface geology (mafic intru-
sions, greenstones, schist belts, anorogenic granitic intrusions, im-
pact structures etc.). Similarly, the recent results of reflection and
refraction profiles in Finland (SVEKA, BALTIC, FENNIA) and in
the western part of the East European craton (EUROBRIDGE’95–
97) showed that lateral velocity variations in the upper crust with
characteristic lateral sizes of approximately 30–100 km demonstrate
good correlations with Bouguer anomalies of the same scale in many
cases, although the amplitude of these anomalies cannot always be
explained by shallow structures only (Elo 1997; Kozlovskaya &
Yliniemi 1999; Kozlovskaya et al. 2001a,b, 2002). This observa-
tion forms the background for the use of P-wave velocity data to
calculate the density model of the SVEKALAPKO array area.
5 T H E E X I S T I N G P - W A V E C RU S TA L
V E L O C I T Y M O D E L O F T H E
S V E K A L A P KO A R R AY A R E A A N D T H E
M A J O R B O U N DA R I E S I N T H E C RU S T
The a priori 3-D P-wave velocity model of the crust for the area
of the SVEKALAPKO seismic array was compiled by Sandoval
(2002), based on the results of previous controlled-source seismic
(CSS) experiments in the Fennoscandian Shield (Fig. 3). The model
was created mainly for the purpose of estimating the effect of the
crust on teleseismic wavefront propagation, but it can be also used
for gravity data modelling.
The 3-D model (Fig. 4) was obtained using B-spline interpolation
of the velocity values and main seismic interfaces between profiles.
See Sandoval (2002) and Sandoval et al. (2003) for details. The
two main velocity boundaries in the model are the Moho and the
high-velocity lower crust with Vp > 7.0 km s−1, which is spread
beneath the Proterozoic Svecofennian part of the area studied, but
is practically absent from the Archaean domain (Korja et al. 1993).
The values of velocity in the model were calculated on an 8-km3
C© 2004 RAS, GJI, 158, 827–848
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Figure 3. Location of previous controlled-source seismic (CSS) profiles used to produce the initial crustal P-wave velocity model (after Sandoval 2002).
(that is, 2 × 2 × 2 km) regular grid to represent adequately the
variations of depth to the velocity interfaces.
Within this model, the Moho has two large depressions beneath
central and southern Finland and the Gulf of Bothnia. That is in
agreement to the previous result by Luosto (1991) and more recent
data about the Moho depth in the region obtained independently by
Alinaghi et al. (2003) from teleseismic receiver function analysis of
the SVEKALAPKO array data. The third narrow Moho depression
in the northern part of the SVEKALAPKO area is more clearly
expressed in the model of Sandoval (2002) than in the earlier map
of Luosto (1991), because additional results of seismic profiling in
northern Finland (Yliniemi 1991) were used for compilation of the
new model.
As only two velocity interfaces were included in Sandoval’s
model, its upper part does not contain the information about verti-
cal and lateral velocity variations in the upper and middle crust in
the various tectonic units documented by previous near-vertical and
wide-angle reflection and refraction seismic experiments in the area
(Luosto et al. 1984, 1990; Yliniemi 1991; BABEL Working Group
1993, Yliniemi et al. 1996; Luosto 1997; Kozlovskaya & Yliniemi
1999; Berzin et al. 2002). This may affect the results of gravity
modelling because gravity data is particularly sensitive to shallow
structures.
A comprehensive analysis of recordings of previous wide-angle
reflection and refraction profiles in Finland was made by Luosto
(1997) and Pavlenkova et al. (2001). They identified three main
branches of the first arrivals with apparent velocities of 6.0–6.4,
6.5–6.6 and 6.8–7.0 km s−1 that define three main crustal layers
(upper, middle and lower crust) on all profiles. In the areas of deep
Moho (greater than 50 km) an additional high-velocity lower crustal
layer with velocities in excess of 7.0 km s−1 appears (Luosto 1997).
Based on this observation, the crust in Finland can be generally
subdivided into four layers named upper crust, middle crust, lower
crust and high-velocity lower crust, with Vp of 6.0–6.4, 6.4–6.8,
6.8–7.0 and 7.0–7.7 km s−1, respectively. This general subdivision
of the crust into four layers, instead of two or three, is in agreement
with other results of seismic wide-angle reflection and refraction
profiling in Precambrian areas (see, for example, Hall et al. 2002;
Kozlovskaya et al. 2002), demonstrating similar features of the ve-
locity distribution within the crust.
In addition to strong reflections from the Moho, the upper/middle
crust boundary is clearly seen in many record sections of wide-angle
reflection/refraction profiles in Finland. Specifically, at offsets of
80–120 km the first arrivals are strongly attenuated and a high-
amplitude secondary wave appears with a delay of 0.2–0.4 s. For
some profiles this wave pattern was explained by a low-velocity
layer with a thickness of several kilometers separating the upper
crust from the middle crust (Luosto et al. 1984; Berzin et al. 2002).
The depth to the upper boundary of the layer varies from 5 to 15 km
in different profiles. It is not clear, however, whether the low veloc-
ity of the layer can be explained by a variation in rock composition,
as the velocity and thickness of the layer are poorly constrained by
refraction data. Berzin et al. (2002) proposed that it might alterna-
tively be explained by a layer with increased porosity. Therefore,
C© 2004 RAS, GJI, 158, 827–848
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Figure 4. Horizontal (a, b) and vertical (c, d) cross-sections through the crustal 3-D P-wave velocity model of Sandoval (2002) defined on 8 km3 rectangular
grid. The coordinates of the grid were calculated using transformation of geographical WGS-84 coordinated into the National Finnish Coordinate System
(KKJ).
the upper/middle crust boundary may be associated with the lower
boundary of this layer located at a depth of 10–20 km in the study
area.
The middle/lower crust boundary and lower/high-velocity-lower
crust boundary are not so clear as the Moho and the up-
per/middle crust boundary. In record sections of wide-angle re-
flection/refraction profiles, they are usually seen as strong ampli-
tude secondary arrivals that can be correlated over distances of
30–100 km. These boundaries were interpreted as subhorizontal
or gently inclined.
It is important to note that the main intracrustal boundaries re-
vealed by wide-angle reflection/refraction profiling in the region are
not seen as continuous subhorizontal reflectors in record sections of
near-vertical reflection profiles. However, in many cases they can
be distinguished as a change in reflectivity pattern that occurs at ap-
proximately the same depth as the main subhorizontal boundaries in
wide-angle reflection/refraction velocity models (BABEL Working
Group 1993; Berzin et al. 2002). This indicates that these bound-
aries are not sharp velocity discontinuities caused by lithological
contact, but rather transition zones or zones of high-velocity gradi-
ent several kilometers in thickness. Such transition zones can be the
result of a gradual change in rock composition or in metamorphic
grade that results also in a gradual increase of seismic velocity and
density with depth.
As it was demonstrated by Christensen & Mooney (1995), the
gradual increase of seismic velocities and density with depth in
C© 2004 RAS, GJI, 158, 827–848
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stable continental crust can be explained in terms of both change
in rock composition from felsic to mafic mineral assemblages and
increase of the metamorphic grade. Therefore, the upper crust in
Finland with Vp of less than 6.4 km s−1 can be considered as com-
posed mainly of rocks of felsic composition and low metamorphic
grade. The middle crust with Vp of 6.4–6.8 km s−1 is composed of
rocks of intermediate composition, in which the metamorphic grade
increases with depth from amphibolite to granulite facies. The lower
crust with Vp of 6.8–7.0 km s−1 contains abundant amounts of dense,
mafic, granulite-facies rocks, in which garnet content increases with
depth, while the high-velocity lower crust with Vp of 7.0–7.7 km s−1
is most probably composed of denser, mafic, garnet granulites and
eclogites.
It should be noted, however, that the term lower crust has been
applied to various seismic layers in previous papers devoted to the
structure of the crust in Fennoscandia. This has resulted in contro-
versy regarding the thickness and depth of the mafic lower crust.
For example, in the monography by Wang (1998), the mafic lower
crust is a combination of the high-velocity lower crust with the layer
with P-wave velocities of 6.8–7.0 km s−1. Korja et al. (1993) and
Korsman et al. (1999) defined the lower crust as the layer with Vp >
7.0 km s−1. However, they also defined the lower crust as the layer
with Vp > 6.8 km s−1 in the areas from which the high-velocity lower
crust is absent or is very thin. Glaznev et al. (1996) considered the
mafic lower crust as a layer with Vp of 6.4–7.0 km s−1, while the
layer with Vp > 7.0 km s−1 was considered as an additional, tran-
sitional crust–mantle layer. Henkel et al. (1990) assumed that the
mafic lower crust is a layer with an average value of Vp of 6.8 km
s−1 and the layer with Vp > 7.0 km s−1 was modelled as a number of
additional eclogitic bodies at the base of the crust. Sandoval (2002)
used the definition of the lower crust proposed by Korja et al. (1993)
and Korsman et al. (1999) for the P-wave velocity model of the crust
of the SVEKALAPKO area.
As there are varying points of view on the depth to the mafic lower
crust in the area and its thickness, in our study we considered two
different P-wave velocity models, in which two different definitions
of the lower crust were used. The first was the model of Sandoval
(2002), in which the lower crust is a layer with Vp > 7.0 km s−1.
In the second, we considered the mafic lower crust as consisting of
two layers with Vp of 6.8–7.0 and 7.0–7.7 km s−1, respectively.
6 T H E G R AV I T Y E F F E C T O F T H E
I N I T I A L 3 - D C RU S TA L P - W A V E
V E L O C I T Y M O D E L
Variations of density in the upper crust have a significant effect on
the observed Bouguer anomaly, which is why uppermost crustal
density inhomogeneities should be taken into consideration in the
regional gravity studies. However, in many cases the values of Vp
in the upper crust are underestimated from wide-angle reflection
and refraction profiles. One reason for this is the influence of frac-
turing on seismic velocities, as discussed in Section 3. In addition,
all wide-angle reflection/refraction profiles in Finland had exces-
sive distances between shot points (approximately 70 km), which
resulted in poor velocity resolution for the upper crust. So addi-
tional information about mass sources in the upper crust should be
used to improve the fit of the calculated gravity field to the observed
Bouguer anomaly.
To assign the density values in the upper crust, we used the
map of bulk density of bedrock of Finland (Fig. 5a) compiled by
Korhonen et al. (1997). The statistical properties of the density of
bedrock in Finland were estimated by Elo (1997). He pointed out
that the histogram of the density distribution is trimodal, with the
main component corresponding to granodiorites with a mean den-
sity of 2.69 × 103 kg m−3, a low-density component corresponding
to granites and granite gneisses with the mean density of 2.612 ×
103 kg m−3, and a high-density component corresponding to high-
grade metamorphic, mafic intrusive and volcanic rocks with a mean
density of 2.795 × 103 kg m−3. The average surface density of the
bedrock in Finland is 2.71 × 103 kg m.
Because of the lack of detailed information about the geometry of
3-D upper crustal sources, which is known only along 2-D seismic
profiles in the region, the variations of density in the upper crust
in our model were represented by vertical bodies, having density
values equal to those from the density map and continued down-
wards to the upper/middle crust boundary. Our selection of such an
approximation for the upper crust is based on a recent analysis of
crustal reflectivity from different tectonic units worldwide made by
Meissner & Rabbel (1999). They pointed out that the crystalline
upper crust of cratonic terrains generally exhibits only one of two
types of reflectivity. It is either transparent or/and it shows traces
of thrusts and shear zones of former or present ruptures that are
usually seen as rather steeply inclined structures. The transparency,
in turn, may be caused either by low impedance contrast within the
mainly felsic rocks or by steep inclination of folded or faulted layers
(apparent transparency). Record sections of the reflection seismic
surveys in the study area (BABEL Working Group 1993; Berzin
et al. 2002) demonstrate the same main types of reflectivity in the
upper crust.
These types of reflectivity indicate that vertical and subvertical
structures generally prevail in the upper crust. Reflectivity corre-
sponding to horizontal lamination may occur on local scales as a
result of the presence of mafic sills. However, regional-scale hori-
zontal layering is usually observed within sedimentary basins and
has never been detected in crystalline upper crust.
Approximation of upper crustal sources by equivalent mass dis-
tribution is a better alternative to the low-pass filtering of the short-
period component from the data. As can be seen from Fig. 2(a),
many of the large-scale anomalies in the area are marked also by a
high horizontal gradient, indicating that the upper boundary of the
corresponding masses is located near the surface. Low-pass filtering
would smooth the areas with high horizontal gradient, projecting the
shallow sources to a greater depth.
The values from the map shown in Fig. 5(a) were used to correct
the density values in the upper crust. Then the gravity effect of
the crust was calculated using the technique of Kozlovskaya et al.
(2001a). As it was discussed in Section 5, the upper/middle crust
boundary is located at an average depth of approximately 15 km in
our study area. As the model of Sandoval (2002) does not include
this boundary, we assumed that the lower boundary of the masses
in the upper crust coincides with the 6.2 km s−1 velocity isoline
located at a depth of approximately 8–12 km, that is, approximately
at the same depth as the seismically detected upper/middle crust
boundary (Fig. 5b).
Fig. 5(c) demonstrates the gravity effect of the upper crust calcu-
lated under the assumption that the density below the upper/middle
crust boundary is constant and equal to the average density of the
bedrock in Finland (2.71 × 103 kg m−3). Fig. 5(d) shows the to-
tal gravity effect of the whole 3-D crustal model corrected for the
upper crustal sources. The gravity effect was calculated using the
technique of Kozlovskaya et al. (2001a). A large negative anomaly
can be seen in the central part of the study area. The location of this
anomaly indicates that its source is a mass deficiency in the area
of the deepest Moho. That is, the high-velocity lower crust together
C© 2004 RAS, GJI, 158, 827–848
3-D density model of the crust of Finland 835
Figure 5. Input data and results of gravity modelling using the crustal P-wave velocity model of Sandoval et al. (2003): (a) map of bulk density of bedrock
of Finland (after Korhonen et al. 1997); (b) depth to the 6.2 km s−1 velocity isoline (in km), assumed to be the lower boundary of uppermost crustal layer
(that is, the upper/middle crust boundary); (c) the gravity effect of the uppermost crustal layer calculated under the assumption that the density beneath the
upper/middle crust boundary is constant; (d) the calculated gravity effect of the whole crustal model. The density values are given in 103 kg m−3. The values
of the gravity field are in units of mgal (10−5 m s−2).
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with the sources in the upper crust do not completely compensate
the Moho depression. The edges of the anomaly are rather sharp, in-
dicating that its source is located somewhere in the upper or middle
crust. This is in agreement with the previous analysis made by Elo
(1997), who showed that a considerable mass surplus must exist in
the upper and middle crust to compensate the deepest Moho. Thus,
more detailed information about velocity values in the upper and
middle crust should be added to the initial velocity model in order
to improve agreement with the observed gravity data.
To investigate the effect of uncertainty in the location of the up-
per/middle crust boundary on the calculated gravity effect of the
crust, we performed a series of calculations assuming that the lower
boundary of the masses in the upper crust was located at different
depth, that is coinciding with the 6.2, 6.3 and 6.4 km s−1 velocity
isolines, respectively. They demonstrated that variations in the depth
of the upper/middle crust boundary have only a minor effect on the
anomaly in the area of the deepest Moho.
To compare the calculated effect of the upper crust to the ob-
served Bouger anomaly, we estimated the correlation of the calcu-
lated gravity effect resulting from the upper crust with the local
component of the Bouguer anomaly obtained as the residual of the
observed Bouguer anomaly after substraction of its regional com-
ponent shown in Fig. 2. The correlation coefficient of these two data
sets is 0.1427. The weak spatial correlation of the calculated gravity
effect with the local component of the Bouguer anomaly is mainly
the result of the interpolation used to produce the bulk density map:
as the sampling grid was irregular, the interpolation of the density
values onto a regular 4-km2 grid resulted in enhancement of some
high- and low-density anomalies. Another reason for the disagree-
ment may be that some of the local anomalies are caused by shallow
sources that are not exposed.
7 M O D I F I C AT I O N O F T H E C RU S TA L
V E L O C I T Y M O D E L
As discussed in Section 5, the crust in Finland can be considered
as consisting of four major layers separated by transition zones. In
accordance with the results by Korja et al. (1993), Luosto (1997),
Korsman et al. (1999) and Pavlenkova et al. (2001), the depth to the
high-velocity lower crust generally varies from 34 to 38 km and has
an antiform strucrure with respect to the Moho depth. The depth to
the middle/lower crust boundary generally follows the same trend
and is 27–30 km. The depth to the upper/middle crust boundary
varies over a wide range of 10–20 km. For example, in the velocity
models along the extended SVEKA profile (Yliniemi et al. 1996;
Kozlovskaya & Yliniemi 1999) and the EL (Elija¨rvi-Lahnaslampi)
profile (Yliniemi 1991) the depths to the upper/middle crust bound-
ary and middle/lower crust boundary are 11 km and 24 km, respec-
tively. The depths to these boundaries decreases above the Moho
depression, where high values of bedrock density at the surface are
also observed (Elo 1997; Kozlovskaya & Yliniemi 1999).
The decrease in depth of the 6.4 and 6.8 km s−1 velocity iso-
lines above the southern part of the Moho depression in the Gulf
of Bothnia also was revealed by wide-angle data on the BABEL1
profile (Graham et al. 1992; Heikkinen & Luosto 2000). Deepen-
ing of these isolines is detected in the northern part of the Moho
depression, where a dipping intracrustal reflector and a change in
reflectivity pattern compared to the southern part are also observed
in the near-vertical reflection record section.
Taking all the results mentioned above into consideration, we
corrected the initial crustal model by introducing two additional
boundaries into the crust, an upper/middle crust boundary and a
middle/lower crust boundary. The boundaries were interpolated to
the initial 8-km3 grid (Fig. 6). P-wave velocities in the upper, middle
and lower crust were taken to be 5.9–6.4, 6.4–6.8 and 6.8–7.0 km
s−1, respectively. The values of velocity between these boundaries
were calculated using a linear 1-D vertical interpolation. Such a
subdivision of the crust into four layers can be considered an ap-
proximation of the real velocity distribution. That is, large-scale
lateral velocity inhomogeneities within the crust are approximated
by the variations of depth to these boundaries. It also represents
better the gradual increase of seismic velocity with depth.
To correct the density values in the upper crust, the absolute val-
ues of density were initially taken from the bulk density map, but
the location and shape of high- and low-density anomalies were de-
fined using the local gravity field component. The other condition
used was an adjustment to the statistical properties of the density of
bedrock in Finland described by Elo (1997). Additional information
about large-scale positive velocity anomalies in the upper crust was
also provided by interpretation of P-waves of local events data of
the SVEKALAPKO seismic array (Yliniemi et al. 2004). It revealed
several high-velocity anomalies in the crust, which are located along
the Ladoga–Botnian Bay zone (Fig. 1) and are also spatially coin-
cident with the corresponding positive Bouguer anomalies. A fur-
ther high-velocity anomaly in the upper crust was also found in the
area of the Wyborg rapakivi–anorthosite massif (Fig. 1) where the
large negative Bouguer anomaly is observed (Fig. 2). This high-
velocity anomaly is in agreement with an earlier result obtained for
the BALTIC profile by Luosto et al. (1990). As discussed in Section
3, these high values of Vp may be the result of anomalous behaviour
of rapakivi granites under high pressure. To avoid the positive effect
of these high velocities on the calculated gravity anomaly we as-
sumed that the 6.4 km s−1 velocity isoline dips beneath the Wyborg
massif. In other words, no high surface density was assigned to this
area.
Mesoproterozoic (Jotnian) sedimentary rocks in the area are
mainly located in the area of the Gulf of Bothnia (Kohonen & Ra¨mo¨
2002). Unfortunately, their precise geometry is poorly known and
not sufficient for the purpose of 3-D gravity study. The only seismic
evidence of relatively deep sedimentary rocks here are the migrated
sections along the BABEL1 line of White (1996) and Klaeshen &
Flueh (1996), demonstrating that the thickness of sediments can
reach 4 km. The sediments in the Gulf of Bothnia are most proba-
bly composed of sandstones, limestones, siltstones, claystones and
conglomerates having rather high densities, i.e. 2.57–2.8 × 103 kg
m−3 (Elo et al. 1978). As these values are generally similar to those
for the bedrock, we did not introduce a special sedimentary layer
into our model. The corrected density map is shown in Fig. 7.
8 D E N S I T Y M O D E L C A L C U L AT E D
F RO M T H E C O R R E C T E D
V E L O C I T Y M O D E L
The density model was obtained from the corrected velocity model
using the gravity data inversion technique described in the paper by
Kozlovskaya et al. (2001a). In this algorithm, the density distribution
is approximated by a linear combination of functions calculated
from a priori data. In our study, the 3-D density distribution was
approximated by the following expression:
σ (x, y, z) =
6∑
i=0
ai Ui (x, y, z), (1)
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Figure 6. Corrected P-wave velocity model of the SVEKALAPKO area constructed as follows: (a) depth to the 6.4 km s−1 velocity isoline assumed as the
upper/middle crust boundary; (b) depth to the 6.8 km s−1 velocity isoline assumed as the middle/lower crust boundary; (c) depth to the 7.0 km s−1 velocity
isoline assumed as the lower/high-velocity-lower crust boundary; (d) depth to the Moho boundary (after Sandoval 2002); (e) and (f) vertical cross-sections of
the velocity model along two selected profiles.
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Figure 6. (Continued.)
where ai are unknown coefficients, U 0 (x , y, z) = 1, U 1 (x , y, z) =
Vp (x , y, z) is the 3-D velocity model, U 2 (x , y, z) = H 1 (x , y) is the
depth to the upper/middle crust boundary, U 3 (x , y, z) = H 2 (x , y)
is the depth to the high-velocity lower crust, U 4 (x , y, z) = H 3 (x ,
y) is the depth to the Moho boundary, U 5 (x , y, z) = V averp (x , y) is
the Vp averaged along the z-axis and U 6 (x , y, z) = 1/Vp(x , y, z).
The original 2-D computer code was modified for the case of 3-D
models (see Appendix). The new version of the code also uses the
non-linear optimization algorithm of Kozlovskaya (2000) instead of
the solution of linear systems used in the 2-D version. The algorithm
allows a priori information about model parameters to be introduced
into the inversion algorithm and solutions corresponding to non-
realistic density distributions to be rejected.
Fig. 8 shows the calculated gravity effect resulting from the crustal
density distribution obtained as a result of gravity data inversion
(Fig. 8a) and the residual of the observed Bouguer anomaly after
removal of the calculated gravity effect resulting from the model
(Fig. 8b). The RMS difference between the Bouguer anomaly and
the calculated gravity is 8.63 mgal. The largest positive values of the
residual are found in the northern part of the model where no reliable
seismic information about Moho depth and velocity distribution
within the crust is available. The negative residuals in the eastern
part of the model are mainly the result of the boundary effect, that is,
the lack of information about the density distribution in the upper
crust outside the area covered by the gravity data. The negative
residuals indicate that some of the high-density anomalies in the
upper crust probably continue into Russia. The lack of information
about the depth and density of sedimentary rocks in the region also
affected the fit between the model field and the observed data in
some places.
To demonstrate the role of different layers on compensation of
Moho depression, we calculated the gravity effect of the crust, from
which we removed various combinations of crustal layers (Fig. 9).
Fig. 9(a) represents the calculated gravity effect resulting from a
model consisting of the upper mantle and a crust with uniform den-
sity. Fig. 9(b) shows the gravity effect of a model consisting of the
upper mantle, the high-velocity lower crust and a layer with uniform
density above the high-velocity lower crust. Fig. 9(c) demonstrates
the gravity effect of a model consisting of the upper mantle, the
high-velocity lower crust, the lower crust, the middle crust and an
upper crust with uniform density. The calculated gravity effects are
referred to the average value of Bouguer anomaly in the region (see
Appendix).
Fig. 10 demonstrates horizontal cross-sections of the model at
different depths, corresponding to the upper, middle and lower crust
and the upper mantle. Fig. 11 illustrates the vertical cross-sections
along four profiles through the density model. The locations of the
profiles were selected to demonstrate the compensation of the largest
Moho depressions by high-density rocks in the crust. It should be
noted that vertical stripes and spikes seen in the sections are not
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Figure 7. The density distribution at the surface derived from the local component of the Bouguer anomaly. The density values are given in units of
103 kg m−3.
artefacts; they result from the complicated 3-D geometry of the
model. Specifically, the stripes in the upper crust correspond to ver-
tical 3-D bodies with different densities. In some places thin spikes
occur as a result of the adjacent crustal blocks with significantly
different structures.
9 D I S C U S S I O N
The results of the present investigation demonstrate that a detailed
Moho relief model is a very important constraint for the regional
3-D gravity modelling. Although there is no correlation between
the regional Bouguer anomalies and the Moho depth in the region,
the large-scale Moho depressions in the region coincide with crustal
blocks with density distributions with a different character, as can be
seen on Figs 10 and 11. These depressions are also associated with
the presence of additional compensating masses within the crust and
can be overcompensated or undercompensated, resulting in maxima
or minima of the gravity field, respectively.
The second important constraint is the density contrast at the
Moho boundary and the absolute values of density both in the man-
tle and in the lower crust. In regional gravity studies (see, for ex-
ample, Gutscher 1995; Nielsen et al. 2000; Hofmann et al. 2003)
the lower crust is often assumed to be composed mainly of mafic
granulites and to have a density of about 2.9–3.0 × 103 kg m−3.
Recent results from seismic experiments in the Precambrian areas
have demonstrated, however, that two different types of lower crust
can be distinguished. In areas of relatively thin and flat Moho (40–
45 km) typical values of P-wave velocity and density in the lower
crust are close to 7.0 km s−1 and 3.0 × 103 kg m−3, respectively
(Christensen & Mooney 1995). An additional high-velocity lower
crustal layer having a P-wave velocity of 7.0–7.7 km s−1 appears
in areas of important tectonic sutures not only beneath Finland, but
also in other Precambrian areas (Guggisberg & Berthelsen 1987;
Funck et al. 2001; Hall et al. 2002; Kozlovskaya et al. 2002). This
additional layer is associated with large Moho offsets and is usually
explained as resulting from magmatic intraplating and underplating
(Korsman et al. 1999; Funck et al. 2001; Hall et al. 2002).
Our result demonstrates (Fig. 9) that this layer has a density of
more than 3.0 × 103 kg m−3 that can reach a value of 3.25 × 103
kg m−3 at the base of the crust. If this increased density is not taken
into consideration, the model contains a mass deficit at the base of
the crust and gives rise to a large negative residual anomaly, which
is sometimes interpreted as evidence of the anomalous density in
the upper mantle. For example, a negative residual anomaly of −50
to −100 mgal was obtained for the Fennoscandian Shield in the
C© 2004 RAS, GJI, 158, 827–848
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Figure 10. Horizontal cross-sections of the 3-D density model of the SVEKALAPKO area at various depth corresponding to the upper, middle andust and the
upper mantle. The values of density are given in units of 103 kg m−3. Black bold lines indicate the positions of the four vertical cross-sections shown in Fig. 11.
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recent study by Yegorova & Starostenko (2002), who approximated
the crust by vertical blocks with uniform density. Such an approx-
imation resulted in unrealistically small density at the base of the
crust beneath the Fennoscandian Shield (2.83–2.9 × 103 kg m−3)
and a significant density contrast at the Moho. A residual anomaly
of such a large scale does not arise if the increased density of the
high-velocity lower crustal layer is taken into consideration. Glaznev
et al. (1996) and Elo (1997) came to a similar conclusion regarding
a high density (3.1–3.2 × 103 kg m−3) in the lower crust above the
Moho depression in central Finland. Their models do not give rise
to large-scale residual anomalies that can be attributed to significant
density variations in the upper mantle.
The example above demonstrates that knowledge of the density of
the high-velocity lower crust is very important not only for crustal
studies, but for deep lithospheric studies in Precambrian areas as
well. To reach any conclusion about the composition of the high-
velocity lower crustal layer, the density and velocity values should
be compared with the results of laboratory measurements of rock
properties and xenolith studies in the region. The reflectivity prop-
erties of the crust–mantle boundary revealed by seismic studies are
also very important.
Previously, a high-velocity lower crust was revealed along the
FENNOLORA profile in Sweden (Guggisberg & Berthelsen 1987).
Henkel et al. (1990) interpreted the high-velocity lower crust with
a velocity and density of 7.1–7.5 km s−1 and 3.15–3.27 × 103 kg
m−3, respectively, as composed mainly of rocks that have reached
transition to eclogite facies. The average depth to this transition was
estimated to be at approximately 36.5 km under present pressure and
temperature conditions of the shield. This value agrees well with the
depth to the high-velocity lower crust estimated by seismic methods
and explains the rather flat topography of this boundary.
It should be pointed out, however, that the P-wave velocity ob-
tained for the high-velocity lower crust is lower than the P-wave
velocity of plagioclase-free eclogites estimated from laboratory
measurements. The elastic properties of eclogites from different
locations have been studied recently by Bascou et al. (2001), who
determined very high values of P-wave velocity and density (8.39–
8.75 km s−1 and 3.327–3.544 × 103 kg m−3, respectively) for these
rocks. Another recent study of the seismic properties of crustal rocks
by Kern et al. (2002) gave similar values of P-wave velocity and den-
sity for eclogites. It can be seen that the Vp values for eclogites are
generally higher than the values determined by seismic studies for
the high-velocity lower crust, even when the effect of pressure and
temperature estimated by Christensen & Mooney (1995) is taken
into consideration.
The recent results of laboratory investigations of elastic proper-
ties of crustal rocks demonstrated that high-pressure mafic garnet
granulites have rather high values of velocity and density. These val-
ues are similar to those detected in the high-velocity lower crust by
seismic studies (Christensen & Mooney 1995). The high-pressure
granulites form at pressures comparable to those of eclogite facies
but contain plagiolcase and garnet in different proportions. Typi-
cally, they are also orthopyroxene-free. O’Brien & Ro¨tzler (2003)
pointed out that the high temperatures necessary for formation of
high-pressure granulites can be reached in the lower crust as a re-
sult of short-lived tectonic events that led to crustal thickening or
subduction of the crust into the mantle. Such high-pressure gran-
ulites may also represent overprinted eclogites. High-pressure gran-
ulites may also form at the crust–mantle boundary as a result of
decrease in heat flow in old, thickened continental crust over time,
that is, as a result of isobaric cooling from granulite into eclogite
facies.
Theoretical calculations of elastic properties of garnet granulite
xenoliths from the Archangelsk area (NW Russia; Markwick &
Downes 2000) and from the Fennoscandia–Sarmatia junction (SE
Belarus; Markwick et al. 2001) demonstrated that these rocks have
high values of P-wave velocity and density under pressures and
temperatures corresponding to the depth of the lower crust (6.94–
7.7 km s−1 and 3.2–3.5 × 103 kg m−3, respectively). The reported Vp
values are comparable to the high velocity for the lower crust used in
the present study and also to the values derived by the seismic studies
beneath the EUROBRIDGE’96 profile (Kozlovskaya et al. 2002).
The density values obtained from the gravity data interpretation for
the high-velocity lower crust are slightly smaller (3.1–3.25 × 103 kg
m−3) and are closer to the average density of mafic garnet granulites
of 3.15 × 103 kg m−3 given by Christensen & Mooney (1995).
The other important constraint on the composition of the high-
velocity lower crust in the area is the high reflectivity at the Moho
boundary (Grad & Luosto 1987; Luosto et al. 1990; BABEL Work-
ing Group 1993; Alinaghi et al. 2003; Yliniemi et al. 2004), which
indicates the presence of rocks with contrasting elastic properties
at the base of the crust. Deemer & Hurich (1994), Bascou et al.
(2001) and Kern et al. (2002) have demonstrated that the contact
of eclogites with the upper-mantle peridotites cannot be the source
of strong reflections, while the contact of mafic granulites with the
upper-mantle peridotites can. The strong reflections may also re-
sult from the contact of eclogite with any other type of crustal rock
(Bascou et al. 2001). That is why the high-velocity lower crust be-
neath central and southern Finland is most probably composed of
high-pressure garnet granulites, although a certain quantity of eclog-
ite may be present at the base of the crust. This supposition is in
agreement with recent studies of xenoliths from the Lahtojoki kim-
berlite pipe (eastern Finland), which are mainly mafic granulites
with varying garnet content (Ho¨ltta¨ et al. 2000), although a small
quantity of eclogite derived from depths of 150–220 km has also
been revealed (Peltonen et al. 2002). The values of density at the
base of the crust in our model (3.25 × 103 kg m−3) agree with this
supposition.
The results of the present study demonstrate that the high-velocity
lower crust does not compensate completely the Moho depressions
in the area. That is, the compensation is mostly the result of the
presence of additional dense material in the upper and middle crust,
as was proposed also by Elo (1997) and Korsman et al. (1999). As
can be concluded from comparison of Fig. 6(d) to Fig. 10, the high
density in the upper and middle crust is observed in the places where
the Moho depth exceeds 50 km. The different degree of compensa-
tion may indicate a different origin and age of the present day Moho
that is generally defined by the last major tectonothermal event in
the area.
Thus, Moho depressions in central and southern Finland and in
the vicinity of the Ladoga–Bothnian Bay zone (LBBZ) are fully
compensated, or even overcompensated by dense rocks in the up-
per and middle crust and hence no corresponding minimum of the
Bouguer anomaly is observed. The formation of the thick crust and
present-day Moho geometry here was the result of several consec-
utive tectonic processes during the Svecofennian orogeny between
1885 and 1800 Ga that were concluded by magmatic underplating
(Korsman et al. 1999). The increased density in the upper and mid-
dle crust here resulted from both mafic magmatism and thrusting of
highly metamorphosed crust toward the surface.
On the other hand, the Moho depression beneath the Gulf of
Bothnia (Figs 10b and 11b) is compensated only in the southern
part, where the dense rocks (2.75–2.9 × 103 kg m−3) are located
in the middle and upper crust. The density in the upper and middle
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crust in the northern part of the depression is significantly less (2.6–
2.85 × 103 kg m−3), which results in a large regional-scale Bouguer
anomaly low (Figs 2a and 8a). The low values of density in the upper
crust here can be explained by the combined effect of sediments and
granitic rocks, although these have very similar values of density
(Elo et al. 1978) and cannot be separated from each other in our
model.
The thick crust beneath the Gulf of Bothnia was considered to
be part of the Svecofennian orogen (1.92–1.8 Ga) and is believed
to have been intruded by anorogenic rapakivi granites and gabbro–
anorthosites during 1.58–1.53 Ga (Korja et al. 2001). The latest
magmatic event is associated with post-Jotnian diabase dykes and
sills emplaced between 1.1–1.2 Ga (Kohonen & Ra¨mo¨ 2002). Ac-
cording to Korja et al. (2001), two different types of magmatic
rocks, the rapakivi granites in the northern part and the gabbro–
anorthosites in the southern part of the Moho depression in the Gulf
of Bothnia, may explain the variation of upper and middle crustal
density. However, the connection between intensive magmatic pro-
cesses and the present-day geometry of the lower crust and Moho
is not completely clear in this case, because the other known areas
of intensive bimodal magmatism in the region are characterized by
uplift of the Moho instead of depression, as observed beneath the
Wyborg rapakivi batholith (Elo & Korja 1993).
The tectonic model of the Svecofennian orogen has been re-
vised recently by Lahtinen et al. (2004), who suggested that the
Svecofennian domain was formed as a result of five different oro-
genic processes in the time period 1.92–1.88 Ga and that the whole
Fennoscandian segment of the lithosphere was formed as a result of
the accretion of several microcontinents. Although not all aspects
of the new model are completely clear, we may suppose that the
two crustal blocks with different density and P-wave velocity may
correspond to two accreted microcontinents (or terranes?) proposed
by the authors. This suggestion explains not only different values
of Vp and density of the crust in the northern and southern parts of
the Moho depression, but also the origin of the deep Moho in this
place.
1 0 C O N C L U S I O N S
A 3-D regional density model has been compiled for the crust of
southern and central Finland, where the thickness of the crust varies
from 38 to 64 km. The model agrees well with the observed Bouguer
anomaly and explains the sources of large-scale Bouguer anomalies
in the region.
The main features of density distribution within the crust are not
correlated with the variations in depth. However, the large-scale
Moho depressions in the region mark the boundaries of crustal
blocks with different styles of density distribution within the crust
and are associated with the presence of additional compensating
masses in the crust.
The high-velocity lower crust, having a density of 3.1–3.25 ×
103 kg m−3, compensates for a significant part of the gravity effect
produced by the variations in the crustal thickness in the area. The
rest of this effect is compensated by a distribution of masses in the
upper and middle crust. Overcompensation or undercompensation
results in large maxima or minima of the gravity field, respectively.
Thus, the Moho depressions in central and southern Finland are
fully compensated, or even overcompensated by dense mafic rocks.
On the other hand, the Moho depression in the area of the Gulf
of Bothnia is compensated only in its southern part, resulting in a
regional-scale minimum of the Bouguer anomaly in the northern
part of the depression. The differing degrees of compensation may
result from varying origin and age of the Moho boundary and the
crust in the region.
The model presented here explains only regional trends in the
observed Bouguer anomaly. A further study of selected anomalies
is necessary to give a more detailed picture of the density distribution
within the crust beneath the SVEKALAPKO area.
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A P P E N D I X A : FA S T C A L C U L AT I O N
O F T H E G R AV I T Y E F F E C T O F
L A RG E - S C A L E 3 - D D E N S I T Y M O D E L S
It is well known that the 3-D distribution of mass within the Earth is
rather complex. As there exists no analytical solution for the gravity
potential of an arbitrary complex earth model, its gravity effect is
often modelled as a superposition of the gravity effects of a limited
number of simple bodies, for which the analytical expressions for
the gravity potential and its derivatives are known. The most widely
used class of such elementary gravity sources are polygonal prisms
of various kinds, as the analytical expressions for gravity anomalies
produced by them are widely known from literature (Nagy 1966;
Hjelt 1974; Banerjee & Das Gupta 1977; Ruotoistenma¨ki 1994a,b;
Starostenko 1998). Use of these expressions requires numerical cal-
culation of non-linear functions such as arctan and logarithm. The
problem is that in order to represent adequately realistic 3-D density
distributions by elementary prismatic bodies, a number of them are
required to be large enough and this results in a significant increase
of computer time. A second problem is connected with the use of
absolute density values, which gives rise to a large positive offset in
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the calculated gravity as well as side effects. To avoid these prob-
lems, we approximate the density model with a fine grid embedded
in a layered model. This makes it possible to use the simpler expres-
sion for an elementary mass instead of that for a prism and to treat
edge effects simultaneously.
A1 Discretization of the density model
The first derivative of the gravitational potential caused by an arbi-
trary density distribution ρ (x, y, z) within a finite volume T at an
observation point P = (x 0, y0, z0) can be calculated in the Cartesian
coordinate system as:
Vz(x0, y0, z0) = G
∫
T
ρ(x, y, z)(z − z0)
r 3
dT , (A1)
where r = √(x − x0)2 + (y − y0)2 + (z − z0)2, G is the gravita-
tional constant and dT = dx dy dz is an elementary mass volume.
The second derivative of the gravitational potential of an elementary
mass at the point (x0 , y0, z0) is therefore
Vz(x0, y0, z0) = G ρ(x, y, z)(z − z0) dx dy dz
r 3
. (A2)
If the density distribution within the volume T is parametrized by a
fine regular grid, i.e. dx = dy = dz, the density in each elementary
volume (cell) can be assumed to be constant and attributed to the
centre of the cell. Then the integral eq. (A1) can be calculated by
summation of gravity effects of all cells:
Vz(x0, y0, z0) = GdT
nx∑
i=1
ny∑
j=1
nz∑
k=1
ρi jk(kz − z0)
R3
,
R =
√
(ix − x0)2 + ( jy − y0)2 + (kz − z0)2.
(A3)
Eq. (A3) will provide good accuracy of the calculated gravity effect
if the sizes of the elementary cells are significantly less than the size
of the model, that is, nx  1, ny  1, nz  1 and the grid spacing
is several times less than the distance between observation points.
However, its use requires that the gravity effect of an elementary
cell described by eq. (A2) is calculated nx × ny × nz times for
each observation point. Thus, if the number of observation points
is nx × ny, then the total number of calculations of the expression
of eq. (A2) is nx2 × ny2 × nz. Such a large amount of calculations
can be treated using parallelization of the computer code, which can
be easily done by distribution of calculation of the gravity effect of
separate cells between several processing units.
The total amount of computer time for calculation of eq. (A3)
can be significantly decreased, if the symmetry of the gravity effect
produced by a point mass is taken into consideration. Specifically,
the gravity effect of the point mass in eq. (A2) depends only on the
depth from the surface, the value of density at this point and the
distance from the observation point. Consequently, it is possible to
calculate separately the gravity effect of a unit point mass located
at the depth of kz, k = 1, nz at distances varying from zero to the
longest distance from a point mass to an observation point in the
model, with spacing equal to x. The total amount of calculations
of eq. (A2) required for this is nz × Nd , where Nd =
√
nx2 + ny2.
The calculated effects can be stored in an nz × Nd matrix. Then
the gravity effect of each point mass in eq. (A3) can be calculated
by multiplying the density value in each node of the grid to the
corresponding gravity effects of the unit mass located at the same
depth and having the same distance to the observation point. The
gravity effect can be extracted directly from the matrix, or found by
linear interpolation.
A2 Absolute density values and edge effects
Use of seismic velocity models in gravity data interpretation implies
that density may be calculated from the known velocity distribu-
tion in accordance with some known density–velocity relationship
(for example, Birch 1961; Krasovsky 1981; Christensen & Mooney
1995). Alternatively, the density–velocity relationship can be found
as a result of gravity data inversion (Kozlovskaya et al. 2001a). This
requires that absolute values of densities are used in the gravity field
calculations instead of the density contrast conventionally used in
the gravity field studies. As a result, the calculated gravity effect of
the finite volume T has a large positive offset at the edges of the
model. This problem can be avoided by continuing the model to
infinity in x and y directions (Rasmussen & Pedersen 1979).
Suppose that we have a density model defined on a regular
3-D grid, in which the numbers of elementary cells in the x, y and z
direction are nx, ny and nz, respectively. The model can be continued
to infinity by introducing nz layers of constant density equal to the
average value of density in each layer:
ρk = 1
nxny
nx∑
i=1
ny∑
j=1
ρi jk, k = 1, nz. (A4)
The density in each cell can be presented as a sum of the density
of the host layer and the difference between the density of the host
layer and the absolute value of density in this cell:
ρi jk = ρk − ρi jk, ρi jk = ρk + ρi jk, i = 1, nx, j = 1, ny,
k = 1, nz. (A5)
Then the total effect of the density model can be expressed as a
sum of the effect of a 1-D density model composed of infinite layers
of constant density and a residual 3-D density model composed of
cells with densities equal to the differences between the value of
density in the cell and the density of the host layer. The gravity
effect of an infinite layer with a constant density can be calculated
as given by Mudretsova & Veselov (1990).
V kz (x0, y0, z0) = 2Gπρkz. (A6)
The gravity effect of the residual 3-D density model is calculated
by substituting the residual density values ρ ijk into eq. (A3).
Although the gravity effect calculated using eqs (A3)–(A6) has
no edge effects, it still has a positive offset as a result of the use of
absolute density values. For comparison with the observed Bouguer
anomaly g(x 0 , y0 , z0), the calculated values should be referred to
the same average value by adding the residual between the average
of the calculated gravity effect and the average of the observed
Bouguer anomaly:
V calcz (x0, y0, z0) =
k∑
i=1
V kz (x0, y0, z0)
+ GdT
nx∑
i=1
ny∑
j=1
nz∑
k=1
ρi jk(kz − z0)
R3
,
V totalz (x0, y0, z0) = V calcz (x0, y0, z0) − average
[
V calcz (x0, y0, z0)
]
+ average [g(x0, y0, z0)] . (A7)
This residual represents correction of the calculated gravity effect
by the unknown regional trend.
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